Models of geodetic observations of postseismic relaxation most often represent the lithosphere with only a few layers with constant viscosity. This is surprising, because rock mechanical experiments consistently demonstrate that we should expect a profound vertical gradient in lithospheric viscosities, due to the geothermal gradient in this thermal boundary layer. We isolate the effect of lower crustal flow, where the effect of viscosity gradients has the largest impact on surface deformation. We therefore explore postseismic deformation in models with realistic vertical viscosity gradients, and seek to illustrate the differences between these models and those with idealized uniform viscosity layers. By means of synthetic experiments with a semianalytical viscoelastic relaxation model, we show how, for a given earthquake, the averaged viscosity value obtained for a thick viscoelastic layer is dependent on both the layout of the geodetic network and on the observation time window.
INTRODUCTION
The increased proliferation and accuracy of space-geodetic measurements in the last decade has allowed scientists to identify and study different postseismic processes. Coseismic stresses relax by aseismic slip, poroelastic relaxation, transient creep, and/or steady state creep. Where exactly each one of these processes occurs depends on a variety of factors, but a first order division of the lithosphere can be made into a shallow brittle layer and a multiviscous layer beneath it. The earthquake breaks (part of) the brittle layer, which, in the assumed absence of other active faults during the observation period, is elastic away from the focal plane. Elastic reloading may however occur as a result of afterslip and aftershocks within the brittle layer: afterslip has been identified as the major postseismic process for both the 1999 Chi-Chi (Taiwan) (Yu et al., 2003; Perfettini and Avouac, 2004) and the 1999İzmit (Turkey) Ergintav et al., 2002; Hearn et al., 2002) earthquakes, as well as an important co-player in the case of the 1989 Loma Prieta and 1992 Landers earthquakes in California (Bürgmann et al., 1997; Savage and Svarc, 1997) . Poroelastic relaxation of stresses in the brittle layer is driven by porepressure changes, and has been recognized to have relevant effects on near-field displacements (Peltzer et al., 1998; Fialko, 2004) . Earthquake-induced deviatoric stresses in the viscous layer result in visco-elastic relaxation, which represents the dominant postseismic process over long times and at large distances.
In this paper, we particularly address the role of one component of visco-elastic relaxation, steady state creep. We wish to draw attention to the fact that a marked viscosity gradient likely exists throughout the continental lithosphere, and indicate how this likely affects geodetic observations of postseismic relaxation.
Rocks show an instantaneous elastic response to a stress change. This is demonstrated by seismic wave propagation and free oscillations at high frequency, by rock mechanical experiments at intermediate frequency, and by long duration lithospheric flexure. At high enough temperatures, a stress change subsequently results in transient creep. Transient creep is another form of seismic attenuation, and likely depends exponentially on temperature (Carter and Kirby, 1978) . The total amount of strain achieved by transient creep is mostly small (order few %; Chopra, 1997) . Higher rock strains are achieved by "steady-state" viscous flow. Most of the attention of the experimentalist has gone to establishing the characteristics of steady state flow laws, and less so to quantifying transient creep. There is overwhelming evidence from rock mechanical experiments that the viscosity of minerals and rocks is strongly temperature dependent (Ranalli, 1995; Kohlstedt et al.,1995) in both the transient and steady state creep regime. This is true for both crust and mantle rocks, the reason being that the lattice defects (dislocations and grain boundaries) that are responsible for viscous creep at the micro scale are strongly temperature activated.
"Steady state" flow refers to a balance of competing processes at the micro-scale; processes that require a stress to increase to achieve more strain (strain hardening) and processes that act to lower the stress (strain softening). Steady state flow thus results in a constant strain rate at a constant stress. Different micro-physical processes can jointly achieve steady state flow; the most common ones are "recovery controlled dislocation creep" and "diffusion creep". Microscope studies of deformed natural rocks have established that both dislocation creep and diffusion creep occur, and that dislocation creep is the more common one of the two. The viscosity due to dislocation creep has a power-law dependence on stress. For that reason, dislocation creep is commonly referred to as "non-linear creep" ( "power-law"). The viscosity of diffusion creep is "linear" in that it does not depend on stress ("Newtonian"). Importantly however, both dislocation creep and diffusion creep depend on temperature in a highly non-linear way. The lithosphere represents the thermal boundary layer of the mantle convection system. Heat transport through the lithosphere occurs predominantly by heat conduction. Consequently, a large thermal gradient exists in the crust and in the lithospheric mantle. By virtue of the exponential temperature dependence of viscosity, viscosities decrease many orders of magnitude from top to bottom in the lithosphere. Beneath the lithosphere, where thermal convection dominates heat transport, the (adiabatic) temperature gradient is small. Consequently, the asthenospheric viscosity varies only little with depth.
Another outcome of rock mechanical experiments has been that viscosities depend on rock type. Crustal materials mostly have a lower viscosity than mantle materials at the same temperature. This leads to the prediction that there should be a prominent viscosity increase at the interface from crust to mantle.
In the first studies that aimed to derive the viscosity structure from geodetic observations of postseismic relaxation, the earth was assumed to consist of an elastic layer above a "deep" viscous layer. The viscosity of the deep layer was taken to be uniform and constant, i.e., a Newtonian viscosity. The value of the viscosity was found from minimizing the difference between the observed postseismic motions and the predictions of relaxation models (Nur and Mavko, 1974) .
In some regions, more complicated models were needed to match the geodetic observations. One approach was to incorporate the viscosity jump (from compositional layering) across the Moho; most of these studies use two viscous layers, one representing the viscous part of the crust beneath the elastic layer, the second representing the mantle half-space beneath it (Pollitz et al., 1998; Hetland and Hager, 2003; Vergnolle et al., 2003) . Multiple layer models have also been proposed (Aoudia et al., 2003) .
A next level of refinement was introduced by Freed and Bürgmann (2004) and Freed et al. (2006a Freed et al. ( , 2006b , who incorporate the stress dependence of the power-law rheology to model a heterogeneous and time-dependent viscosity structure for the Mojave Desert and for central Alaska. In both cases, most of the modeled relaxation takes place in the deep lithosphere and asthenosphere. When only sites beyond 100 km from the earthquake are used, most of the surface deformation is caused by viscoelastic relaxation at depth greater than 60 km. In this part of the upper mantle, the (nearadiabatic) temperature gradient is small, so that the most important viscosity non-linearity derives from the stress dependence.
The above elastic-viscous rheologies ignore the possible contribution of transient creep. To improve the match of predictions of the first two-layer elastic-viscous models to the geodetic observations, the alternative of transient creep was investigated using Burgers rheologies (e.g. Pollitz, 2003 Pollitz, , 2005 Pollitz, , 2006 Hetland and Hager, 2006) . These types of models specifically reproduce the observation that post-seismic displacements are often characterized by two different relaxation times. The outcome of these studies suggests that transient creep has an imprint on the data that deviates enough to be able to discriminate it from relaxation by steady state creep (Savage et al., 2005) .
Most studies consider postseismic relaxation in the upper mantle only. However, to our knowledge, this conclusion is usually drawn from the fact that mantle relaxation was capable of reproducing the available observations. Post-seismic crustal flow is difficult to isolate because it affects mainly near field displacements (1) where other postseismic processes are important co-players, (2) where uncertainties in the fault rupture have the largest imprint, and (3) where only a limited amount of data is often available. In practice, model parameters are generally constrained by means of statistical correlation tests, which have the intrinsic tendency to fit the general behavior at the expense of specific features. These studies thus do not prove that crustal flow is absent. Moreover, the fact that crustal relaxation is found to contribute little to the observed surface deformation (e.g., Freed and Bürgmann, 2004; Freed et al., 2006a,b) does not automatically imply that the lower crust has a secondary role through the whole seismic cycle, as positively shown by Johnson et al. (2007) for the Mojave region.
Rock mechanical experiments yield support to the above approaches. What has thus far been largely overlooked is that a strong viscosity gradient should be expected in even a single composition layer, deriving from the temperature gradient in the lithosphere. In this paper we therefore isolate the imprint on post-seismic observations of vertical viscosity variations due to the thermal gradient in the lithosphere. For our purpose of proof-of-principle, we consider the contribution of the lower crust only. Reason is that lower crustal flow impacts the surface deformation more strongly than mantle flow. The signature of a crustal and a mantle viscosity gradient should however be similar. We compute a synthetic geodetic response of an earth model with a realistic viscosity gradient. This postseismic relaxation signal depends on both epicentral distance and on observation period. We compare these results with the relaxation of an earth model with a discrete number of viscous layers, for two reasons; 1) we want to find a means to interpret the viscosity derived from homogeneous crustal models, and 2) propose a way to detect and quantify the presence of a viscosity layering, mostly related to network design and observation time windows.
VISCOSITY MODEL
Given the wide variety of rock types and possible geotherms it is not possible to select a single representative lithospheric viscosity profile for the lithosphere. With our proof-of-principle target in mind, this is not really a problem; we select rather arbitrarily one possible viscosity profile to demonstrate its consequences for the post-seismic relaxation signals. As the strong temperature dependence is common to all lithospheric viscosity stratifications, the wider applicability of the principle of our example follows by induction.
Viscosity η is a function of effective stress σE and temperature T following Table 1 . Rheological parameters for the viscosity profile of Figure 1 . Upper crust (UC): Dry quartzite (Shelton et al., 1981) ; Lower crust (LC): Quartz diorite (Kirby, 1983) ; Lithospheric mantle (LM): Wet Olivine (Karato et al., 1986) . After correction for experimental geometry (Ranalli, 1985) , A is increased by one order of magnitude (Paterson, 2001) . The rigidity values are PREM-averaged (Dziewonszki and Anderson, 1981 ) and the model is incompressible (i.e. Poisson's ratio is 0.5).
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where A is the pre-exponential factor, E is activation energy, and n is the powerlaw exponent, all of which are material parameters that are determined from laboratory experiments on specific rocks. R is the gas constant. We choose rock types that are common to the upper and lower crust, and the lithospheric mantle (Table 1) , where values for n and E come from published results. We select a steady state temperature profile corresponding to a surface heat flow of about 70 mW/m 2 , resulting in a geotherm with a Moho (40 km) temperature of about 700 o C (Chapman, 1986) . We assume a uniform effective stress of 10 MPa. This results in a viscosity profile (Figure 1 ) that has a lower crustal viscosity of about 10 17 P a s at the Moho.
We make the approximation that, in viscous parts of the lithosphere, the background stress is larger than the coseismic stress change. In the Discussion we elaborate on this assumption. As a consequence, the viscosity profile shown in Figure 1 is not affected by coseismic stress changes, i.e., viscosity is Newtonian.
The horizontal scale on top of Figure 1 shows the relaxation (Maxwell) times that correspond to the viscosity profile. In the first decades after an earthquake, viscous flow occurs mostly in a (horizontal) channel between 25 km and 40 km depth. The smallest viscosity above this channel is 10 20 P a s, which corresponds to a relaxation time of about 100 years, i.e., between the surface and 25 km depth the lithosphere is essentially elastic on GPS observation time scales.
We model postseismic deformation with our semi-analytic normal modes codes (Sabadini and Vermeersen, 1997; Riva and Vermeersen, 2002) , for a spherically layered, self-gravitating, incompressible Earth with linear (Maxwell) rheology, with chemical boundaries at the transition between upper crust (UC) and lower crust (LC), at the Moho and at the bottom of the mantle. We represent the viscosity profile of Figure 1 in the crust by means of an elastic UC, and five layers in the LC. We have verified that taking an even finer layering gives the same results. To isolate the effect of the LC viscosity gradient, we assume a uniform viscosity (10 21 P a s) in the mantle.
POST-SEISMIC RELAXATION IN A REALISTIC EARTH MODEL
We analyze postseismic relaxation due to a 45 o dipping normal fault, with magnitude Mw 7.3 (M0 = 10 20 N m) and with a length of 100 km. Magnitude and length have been chosen so that the fault is expected to rupture the entire 15-km-thick elastic crust (Wells and Coppersmith, 1994) and its length is much larger than the crustal thickness. In the normal mode representation, we model the fault by means of a set of point sources (50 in total) evenly distributed along a 100-km-long line and buried at a depth of 7.5 km. We have verified that, for the purpose of computing viscoelastic relaxation, this is analogous to modeling a 20-km-wide fault accommodating about 2 m of uniform slip.
In Figure 2 we show map views of vertical and horizontal postseismic relaxation for three different time windows. The surface trace of the fault is horizontal in the figure (between x = −50 and x = 50 km, y = 0), and the fault plane dips toward the north.
In the first month after the earthquake, the pattern of vertical relaxation shows a narrow uplifting region directly above the fault, bounded by two wider regions affected by subsidence, located on the foot-wall (in the south) and on the hanging wall (in the north). The total vertical deformation is about 7.5 mm in both directions; this represents a very high deformation rate of 9 cm/yr, i.e., 18 cm/yr from peak-to-trough. Horizontal relaxation for the same time window is concentrated in four regions. Maximum displacement occurs in two narrow regions located at the two sides of the fault with magnitudes of 6.6 mm in both directions, equivalent to deformation rates of 16 cm/yr from peak-to-through. Two relative maxima of deformation are also present at larger distances across fault, at about 100 km, reaching rates of 3 cm/yr for each peak. The main direction of motion is north-south away from the fault, with an additional component in east-west direction, pointing towards the center of the fault in the near field and away from it in the far-field.
In the second year after the earthquake, the pattern of vertical relaxation is similar to that of the first month, but the peripheral subsidence is now larger than the central uplift and the peak-totrough relaxation rate is strongly reduced, to about 3 cm/yr. The horizontal motions increase in the far-field relative to the near field, with peak rates of 1.2 cm/yr for the former and 1.5 cm/yr for the latter. The direction of motion remains approximately the same as in the previous case.
In the fifth year after the earthquake, the uplifting region becomes slightly wider (across fault) and speeds up relative to the peripheral subsidence. The peak-to-trough vertical velocity is about 1.3 cm/yr. In horizontal direction, the near field lobes represent again the dominating signal, with rates of 1.2 cm/yr from peakto-through. In the far field, we observe a change in the motion directions, with a reduction of the east-west component.
Horizontal and vertical deformation patterns are uniform along fault during all intervals due to the chosen fault mechanism (dip-slip). The symmetry across fault is a consequence of the specific 45 o dip angle (see, e.g., the analytical representation of a dislocation in Smylie and Mansinha, 1971) . The dominating subsidence and extension are consistent with the fact that flow is driven by the coseismic stress gradient induced by the normal faulting earthquake.
In summary, the postseismic relaxation for a normal fault shows both a decrease in deformation rates and a change in the deformation pattern for vertical and horizontal displacements. As will become clear in the next section, the pattern change particularly is a consequence of the lithospheric viscosity gradient.
To demonstrate that the imprint of a viscosity gradient is not unique to relaxation following a normal dip-slip event, we present the post-seismic displacements after a right-lateral slip event in Figure 3 . The pattern of vertical relaxation shows the progressive reduction of the far-field lobes, resulting in a localization of deformation close to the fault tips for long times. Horizontal deformation displays a complex time-dependent pattern, where the main feature is represented by the gradual migration of the region of maximum displacement from two narrow areas along fault to six separate regions (two small and close to the fault ends and four large and far in oblique direction).
The physical explanation for the time-dependent behavior shown in Figures 2 and 3 lies in the fact that relaxation takes place in an Earth model where viscosity changes with depth. Regions with different relaxation times, in fact, are located at different depths and this affects the deformation pattern. In addition, the amount of relaxation accommodated at different depths is also dependent on the magnitude of the deviatoric stress induced by the fault (i.e. on the distance from the fault). These factors, when combined, lead to a complex behavior of the relaxation process. 
RESOLVING A VISCOSITY LAYERING
In this section we address two questions. 1) What is the imprint of a specific viscosity gradient on post-seismic relaxation? 2) What viscosity would we find if we tried to match post-seismic deformation observations using one or a few visco-elastic layer between two elastic layers? The answer to both questions is provided by considering the response of such simpler models. We explore the possibility of reconstructing the viscosity layering via a simple trialand-error approach, suitable for use with a forward modeling tool of postseismic relaxation.
As a starting point, we assume the a priori knowledge of the crustal thickness (for instance from seismological and potential field data) and an accurate characterization of the earthquake (fault geometry and slip distribution).
Inferences from a single layer model
Figure 4 displays vertical and horizontal relaxation for the same time windows as before, now for an earth model with a uniform viscosity of 10 19 P a s in the crustal depth range between 15 and 40 km. We assume the same normal dip-slip event as in Figure 2 .
The pattern of vertical relaxation (top row) is dominated by two narrow subsiding regions with a nearly constant rate of about -1.5 cm/yr through all time windows. In the horizontal direction, the displacement is oriented away from the fault, with peak values in two narrow bands at each side of the fault trace and two additional lobes at about 50 km.
Relative to the vertical relaxation in Figure 2 , Figure 4 shows a shorter wavelength pattern. Comparing the horizontal deformation we observe that the near-fault lobes are thinner and far field lobes are closer to the fault for this single layer model. This is due to the fact that, in the considered time window, there is viscous flow in the depth range between 15 and 25 km, whereas the reference model is elastic during this interval (c.f. Figure 1 ). It would thus be possible to better match both horizontal and vertical wavelengths for a greater thickness of the upper elastic layer in the uniform viscosity model. As far as vertical relaxation rates are concerned, this uniform LC model is too slow in the first month, rather good in the second year and eventually too fast in the fifth year. In horizontal direction, this model is too slow in both the first month and the second year and rather good in the fifth year. Changing the channel viscosity of the uniform LC model could improve the fit to one observation period, at the expense of deteriorating the fit to other observation periods.
The most important differences are the absence of uplift in the central region above the fault and the stable patterns of horizontal and vertical deformation. It is not possible to change the parameters of the single viscosity layer to reproduce these features. Concerning our first question, it is thus clear from a comparison of Figures 4 and 2 that a viscosity gradient has a distinctive imprint on post-seismic relaxation.
This simple test demonstrates that it is not possible to reproduce the behavior of a realistic earth model with a simple model where the whole LC has uniform viscosity. In practice, the use of sparse observations during a limited observation period may not warrant a more complicated model in that a uniform viscos- ity channel model may be enough to fit the data. Concerning our second question, the inferred viscosity then represents relaxation during the observation time window, i.e., another observation period would have given a different result. Single layer viscosity estimates do not represent averages of the real viscosity.
Two-layer lower crust
The single crustal layer model is thus not capable of capturing some of the main aspects of our reference model. In this section we will demonstrate that a model with a two-layer LC performs better. If we think of the results for the reference model (Figure 2 ) as the real earth relaxation signal to which we try to fit the two-layer LC relaxation, we set out to find the viscosities for which the match is best. We divide the LC into two 12.5-km-thick layers, and constrain the viscosity to be higher in the most shallow layer. We test viscosities from 10 20 P a s to 10 17 P a s; the upper boundary coming from the fact that a higher viscosity has a too long characteristic relaxation times to be detectable in the first few years after the earthquake, and the lower boundary from the fact that extreme combinations of rock type, temperature and effective stress are required to obtain lower viscosities in the LC. Figure 5 shows the difference between vertical relaxation for three different two-layer-LC earth models and the reference model (Figure 2 ). In the first month after the earthquake, the first two models show a similar deformation pattern, the only difference lies in the magnitude of the deformation. This response can be understood by considering the typical relaxation time in each model. The Maxwell time corresponding to a viscosity of 10 20 P a s is about 100 years. For a viscosity of 10 19 P a s the Maxwell time is about 10 years. As one month is significantly shorter than the Maxwell time of the upper LC layer in either model, there is no difference between the models where its viscosity is either 10 20 P a s or 10 19 P a s, i.e., the upper LC is elastic on a one-month time scale in both cases.
We do not separately show the result for an upper LC viscosity of 10 18 P a s, because its shallow relaxation has the same shortwavelength character as the single viscosity layer model of Figure  4 (albeit at a different time scale). Based on the mismatch with respect to the reference model, a two-layer model with an upper LC viscosity of 10 18 P a s would therefore be rejected. The magnitude of the vertical deformation in the first month is best reproduced with a viscosity of the bottom LC layer between 10 17 P a s and 10 18 P a s -further tests show that the best fit is obtained with η = 3 · 10 17 P a s. During the second and the fifth years after the earthquake, the second model provides the best fit: a lower viscosity in the top LC layer (first model) produces a large residual subsidence around the fault and a lower viscosity in the bottom LC layer (third model) produces a wide region of residual uplift. However, since the residual vertical relaxation changes of sign when passing from the second to the third earth model, we can expect the optimal viscosity value for the bottom LC layer to be somewhere between 10 18 P a s and 10 17 P a s. Further tests show that the best fit is obtained with η = 5 · 10 17 P a s. be fit by the two-LC model, with a viscosity of 10 20 P a s in the top layer and a nearly constant viscosity for the deepest layer, changing from 3 · 10 17 P a s (first month) to 5 · 10 18 P a s (second and fifth year).
In Figure 6 we show the residual post-seismic deformation for this best two-layer LC model, with respect to the reference earth model (Figure 2 ). In the case of vertical relaxation (top row), the rather good match obtained with respect to the reference model (less than 20% difference) would suggest than a two-layer LC is in this case sufficient to reproduce the behavior of a more finely stratified rheology, with two important remarks. First, the wavelength of the relaxation signal constrains relaxation in a channel that is smaller than the whole LC, in contrast to what is commonly assumed when constraining the thickness of the upper non-relaxing (brittle) crustal layer on the basis of observed seismic activity and tomographic studies. Second, the inferred viscosity of the bottom LC layer depends of the observation period.
The situation is different for the case of horizontal deformation (bottom row). Results for the first month and the second year after the earthquake match the response of the reference model reasonably well. However, in the fifth year we observe a large misfit compared with the absolute magnitude of the deformation signal.
That the same viscosity model does not provide good results for both vertical and horizontal displacements is due to the fact that vertical motions are only determined by the spheroidal component, while horizontal motions are the result of the combination of both spheroidal and toroidal components, which have a different depth sensitivity (hence a different response to the viscosity layering). . Map views of residual vertical (top row) and horizontal (bottom row) relaxation for the best two-layer LC, with respect to the reference earth model. The viscosity of the upper layer is 10 20 P a s, while the viscosity of the lower layer is 3 · 10 17 P a s in the first month and 5 · 10 17 P a s in the second and fifth years. Note the scale difference with respect to Figure 5 .
As a consequence, the inferred earth structure is strongly affected by the observation time window and by the relative weight of the vertical and horizontal displacement components in the modeling. For time windows comparable to the characteristic relaxation time of the bottom part of the LC, vertical and horizontal motions lead to the same viscosity value. On the contrary, for longer times, where a larger portion of the LC is contributing to relaxation, vertical and horizontal motions point to different apparent viscosity structures. This fact has important consequences for practical applications, since the two most common geodetic techniques, namely GPS and InSAR, are more sensitive to horizontal and vertical motion respectively.
The common way of analyzing relaxation is to examine time series of surface displacement at discrete points. In Figure 7 we show an example of vertical relaxation at 25 km (red lines) and at 50 km (blue lines) perpendicular distance from the center of the fault. Like in Figures 2 and 4-6 , it shows relaxation after a normal faulting event.
From the comparison between the solid and the dash-dotted red lines, we see how the uniform LC model reproduces the behavior of the reference model reasonably well in the first year and close to the fault, but the lines diverge for longer times. At larger distances (blue lines) the uniform LC models shows a complete absence of relaxation, which clearly differs from subsidence that is produced by the reference model. The behavior of the 2-layer LC is closer to that of the reference model: in both cases, relaxation follows a similar time evolution, with the important difference that the signal produced by the 2-layer LC model is too large at 25 km and too small at 50 km. Overall, the examples of Figure 7 demonstrate that the inferred viscosity profile can be significantly affected by both the spatial and temporal distribution of the available geodetic measurements.
Three-layer viscous lower crust
The main conclusion of the previous sections is that, operationally, it is possible to infer the presence of a viscosity gradient in the LC from modeling postseismic relaxation signals. In many situations, lack of data allows the modeler to constrain the viscosity of a single-LC layer only. However, if we have a dense enough and continuous GPS network, it might be possible to resolve a layering closer to the original viscosity structure.
Given the inadequacies of the one-and two-layer LC models to reproduce the relaxation of the reference model, the next step is to try a 3-layer earth by further subdividing the bottom LC layer of the two-layer model. The reason why we do not want to change the upper LC layer is that it would affect the wavelength of the relaxation signal, which already looks reasonable. As far as the viscosities of the new LC layers are concerned, since they have to replace a layer with a viscosity of about 3 − 5 · 10 17 P a s, our first guess would be to use 10 17 P a s and 10 18 P a s in the bottom and middle LC layers respectively.
In Figure 8 we show the residual relaxation with respect to the reference earth model, resulting from this tentative 3-layer-LC, after multiplying all displacements by a factor of 0.75. The match with the reference model is rather good, where the main differences are in the region between the near-and the far-field lobes for the first month and the fifth year, and in the magnitude of the near field deformation for the second year. Both the necessity of rescaling the deformation magnitudes and the misfit in the deformation wavelength for short and long times suggest that the thickness of the two low-viscosity layers has been overestimated. This last model is still not perfect, but in comparison with the best 2-layer-LC model of Figure 6 it presents the great advantage of fitting both vertical and horizontal deformations for all time scales.
This simple exercise shows how the analysis of the whole deformation area over different time-windows is in principle capable of detecting the presence of a viscosity gradient. In the example that we discussed here, only a sufficiently layered viscosity model provides a satisfactory fit over different times to both the magnitude and wavelength of the postseismic relaxation signal from a realistic earth model.
DISCUSSION
A more sophisticated way of proceeding would make use of an inversion procedure, but our goal here is simply to show that a proper dataset is capable of capturing main aspects of the viscosity structure. For our purpose of proof-of-principle, our example in this paper highlights the contribution of a viscosity gradient in the lower crust. However, there also exists a significant temperature gradient in the lithospheric mantle, and thus a strong viscosity gradient. We expect that this has similar imprints on the observations, albeit less strongly because the surface signal decreases with the depth of the relaxing layer. Vice versa, we expect that it is possible to resolve a shallow viscosity gradient much better than a deep one.
Different from asthenospheric relaxation, the study of lithospheric relaxation is complicated by the fact that a number of additional factors have to be taken into account:
-the presence of competing postseismic processes (mainly poroelastic relaxation and afterslip); -the occurrence of secondary faulting events (aftershocks); -the sensitivity to uncertainties in the rupture model (leading to uncertainties in the coseismic stresses that drive postseismic deformation);
-the difficulty to assess the tectonic stress. Even if we assume that it is possible to obtain a good model for afterslip and poroelastic relaxation, as well as good constraints for the impact of aftershocks and uncertainties in the rupture model, it is not possible to determine the background tectonic stress with high accuracy. For instance, a typical Mw=7 earthquake (about 2-3 m fault slip) induces a co-seismic deviatoric stress between 0.1 and 3 MPa in viscous portions of the lithosphere. Stresses above 1 MPa are only achieved in the direct neighborhood (about 5 km) of the fault. Therefore, as earthquakes occur in active tectonic regions, and because tectonic stresses in active tectonic regions range typically between 10 and 100 MPa (Turcotte and Schubert, 2002) , the stress change due to an earthquake is small. The impact of coseismic stress on lithospheric viscosities is therefore probably minor in most cases. We expect therefore that a model with a fine vertical viscosity stratification can behave analogously to relaxation models that assume power-law rheologies.
Operationally, it is useful to answer the question about the necessary density of GPS stations, if we want to be able to reconstruct a realistic viscosity profile. The maximum distance between the GPS sites around the fault should be comparable with the seismogenic thickness of the crust. This thickness approximately coincides with the thickness of the elastic layer in our models; this thickness controls the wavelength of the surface deformation signal. If the network is designed this way, the time series would sample the deformation maxima which provide a robust estimate of the viscosity values. Such a network would also capture deformation sign changes and more subtle differences in wavelength that help assessing the thickness of the various viscoelastic layers.
Maintaining such an optimal network around a fault, for which it is unclear when it will be seismically active often will be unpractical. The next operational question, therefore, is what would be found if one would combine pre-seismic campaign observations on the optimal network with post-seismic continuous observations from the second month onward. The reoccupation of existing sites a few weeks after the earthquake should allow to isolate the postseismic signal from both the secular tectonic and the coseismic motions, without loosing much information about viscoelastic relaxation. For the purpose of constraining the viscosity structure, we expect that continuous observations might be replaced by repeated occupations after one or two years, since at that time most relaxation will occur in layers with characteristic relaxation times of the order of 1-10 years. However, the co-existence of other postseismic processes, such as afterslip and poroelastic relaxation, might require the prolongation of the continuous measurements until viscoelastic relaxation remains the only active postseismic process.
Next to GPS measurements, the availability of InSAR data can provide very useful constraints on the rheology of the lithosphere, thanks to the sensitivity to vertical displacements and the continuous spatial coverage. In addition, since the characteristic signature of a viscosity gradient is represented by a time-dependent deformation pattern, the most useful information would be provided by SAR interferograms spanning different time-windows. The discontinuous temporal coverage of InSAR data should not represent a serious limitation considering that, in general, only a small portion of the lithosphere would relax on very short (days to weeks) timescales.
The reference model that we use here to illustrate our point about the viscosity gradient is rather arbitrary. We purposely selected a relatively low viscosity for the deepest part of the crust, compatible with what has been suggested in other post-seismic relaxation studies (e.g., Deng et al., 1998; Hearn, 2003; Johnson et al., 2007) . These studies convincingly show that viscosities can be much lower than expected on the basis of laboratory rheology experiments, and not just in regions where there is evidence of hot or wet lower crust. Transient creep may possibly explain this discrepancy because it has a lower effective viscosity than steady state creep. A complete analysis of these effects is however difficult given our deficient understanding of transient creep. On a qualitative level only, we know that transient creep operates over a limited strain increment after a stress change. Near the fault, the co-seismic stress change is probably high enough to first cause transient creep, followed by steady-state viscous flow that dominates the surface relaxation signal. Further away from the fault, the co-seismic stress is less, and it is doubtful whether the viscosity ever represents steadystate power-law creep. These blank spots in our knowledge have little impact on the principal message of the present paper, however, because transient creep viscosity is strongly temperature-dependent much like the steady state viscosity that we assumed here. Irrespective whether rocks are deforming by transient or steady state viscous flow, it is highly likely that a major vertical viscosity gradients exists in the crust and lithospheric mantle.
CONCLUSIONS
We have explored the effect on postseismic relaxation of a temperature-controlled viscosity gradient in the lower crust and how it affects viscosity estimates obtained assuming a homogeneous low-viscosity channel.
The postseismic relaxation signal is both location and time dependent because the contribution of each level is controlled by both the observation time window (low viscosity levels approach complete relaxation earlier), and by the relative distance between the fault and the site (deeper layers contribute more to far-field motions). This simple model has the advantage of dealing with a limited number of parameters with a clear physical meaning (namely thickness and viscosity of each homogeneous layer), but at the same time has the ability to reproduce some degree of non-linear behavior due to the coexistence of different characteristic relaxation times within the same composition layer.
Our results show how the single-layer viscosity estimates depend on both the location and the time-window of the observations, and cannot be viewed as layer averages.
We have also shown how it is possible to constrain a reasonable viscosity structure by means of a series of thin homogeneous layers with linear rheology, provided that data are dense enough both spatially and temporally.
Therefore, when data quality and quantity allow it, we strongly recommend that estimates of crustal viscosity from the inversions of postseismic deformation data are not limited to the case of thick homogeneous layers, but consider the eventuality of a finer layering.
